Reconstructions of past temperature and precipitation are fundamental to modeling the Greenland Ice Sheet and assessing its sensitivity to climate. Paleoclimate information is sourced from proxy records and climate-model simulations;
assume that precipitation consistently follows the thermodynamic, Clausius-Clapeyron relationship (e.g., Huybrechts et al., 1991; Greve et al., 2011; Pollard and DeConto, 2012) .
Ice-core records provide the best empirical estimates of climate history over the Greenland Ice Sheet. For temperature, important proxies include oxygen and hydrogen isotopes of ice (e.g., Jouzel et al., 1997) , nitrogen isotope ratios of gas trapped in ice (e.g., Buizert et al., 2014; Kobashi et al., 2017) , and borehole thermometry (e.g., Cuffey et al., 1995; Dahl-Jensen et al., 1998) . For precipitation, the thickness of annual layers of accumulated ice, corrected for thinning, is used (e.g., Dahl-Jensen et al., 1993) . Ice-core records, however, are limited in their spatial coverage. In contrast, climate-model simulations are 30 spatially-complete estimates of past climate, but they are subject to uncertainty in model dynamics and boundary conditions. Efforts to combine information from proxy data and climate models have long been a part of ice-sheet modeling. The most common approach is to scale the modern spatial pattern of temperature and precipitation using data from a single ice core (e.g, Huybrechts et al., 1991; Huybrechts, 2002; Greve, 1997; Greve et al., 2011; Nielsen et al., 2018) . This assumes a fixed spatial pattern through time, which is unlikely to be valid. Recently, Buizert et al. (2018) used the average of the three 35 best-understood Greenland ice-core records to adjust the results of a transient climate-model simulation (the transient climate evolution experiment, TraCE21ka; Liu et al., 2009; He et al., 2013) . This approach allows for possible changes in spatial relationships, but is restricted to a single climate-model realization, makes relatively little use of the available data from ice cores outside northern Greenland, and provides no information on precipitation. Other attempts to incorporate more proxy data have been limited to short time periods (e.g., Simpson et al., 2009; Lecavalier et al., 2014) . 40 In this study we apply a novel method, paleoclimate data assimilation (paleo DA), to obtain a new, spatially-complete reconstruction of Greenland temperature and precipitation. We focus on the last 20,000 years, which includes the end of the last glacial period, the glacial to interglacial transition, and the Holocene thermal maximum (HTM), when temperatures at the Greenland Ice Sheet summit reached 1-2°C warmer than present (Cuffey and Clow, 1997; Dahl-Jensen et al., 1998) . The climate history, and the corresponding changes in the size of the ice sheet, are well-documented over this time period (Kaufman Our paleoclimate reconstruction method assimilates oxygen isotope ratios and accumulation from ice cores with a transient climate-model simulation to reconstruct the last 20,000 years of Greenland temperature and precipitation. In the following subsections we discuss the ice-core data, the climate-model simulation, and the details of our paleoclimate data assimilation approach.
Ice-core data
We use proxy records from eight ice cores from the Greenland Ice Sheet and nearby ice caps ( Fig. 1, Table 1 ). As a proxy for temperature, we use previously-published measurements of oxygen isotope ratios from the ice, which we discuss using the conventional δ 18 O nomenclature (Dansgaard, 1964) . We note that while other proxies (such as borehole thermometry or δ 15 N of N 2 ) have been used to produce temperature estimates (e.g., Cuffey et al., 1995; Dahl-Jensen et al., 1998; Buizert et al., 2014; Kobashi et al., 2017) , this has not been done at all our core locations; we instead rely on such data to obtain independent estimates of error in the δ 18 O-temperature relationship (see Sect. 2.3 .3) and as comparisons to our resulting reanalysis (see Sect.
3). The accumulation history has been estimated for five of these cores from measured layer thickness corrected for vertical 70 ice-thinning due to dynamical strain in the ice sheet. We rely on previously-published accumulation histories for the GISP2 and NEEM cores (Cuffey and Clow, 1997; Rasmussen et al., 2013) , and we estimate accumulation for the Dye3, GRIP, and NGRIP cores using available layer-thickness data and simple ice-thinning calculations (see below and Sect. S1). We do not use accumulation records from the Agassiz, Camp Century, or Renland cores because the ice-thinning history at these sites is not adequately constrained. Most of the ice-core data are available at 50-year or higher resolution and have been synchronized to 75 a common depth-age scale (the Greenland ice core chronology 2005, GICC05; Rasmussen et al., 2006; Svensson et al., 2006; Vinther et al., 2006 Vinther et al., , 2008 . All of these ice-core records extend from the beginning of the Holocene to the present. Five δ 18 O and four accumulation records also include the last glacial period. To evaluate the impact of the differing lengths of these records, we produce a sensitivity reanalysis for which we assimilate just the fixed proxy-network (i.e., only those data that span the full reanalysis time period, the last 20,000 years).
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To extract the accumulation signal from measured layer-thickness, the layers must be destrained using assumptions about the history of ice flow. For the Dye3, GRIP, and NGRIP cores, we use a one-dimensional ice-flow model (Dansgaard and Johnsen, 1969) to calculate the cumulative vertical strain the layers have experienced at each core site. The Dansgaard-Johnsen model requires specifying the vertical velocity at the surface and a kink height which determines the shape of the vertical velocity profile. The velocity profile below the kink height approximates the influence of greater deformation rates in deeper 85 ice due to increased deviatoric stress and warmer ice temperature. For sites at the pressure-melting point at the bed, such as NGRIP, we also implement the basal melt-rate (e.g., Dahl-Jensen et al., 2003) . Previous work on many of the Greenland ice cores has estimated cumulative vertical thinning assuming that the accumulation history scales with δ 18 O and then found optimal parameter values by comparing the modeled and measured depth-age relationships (Dahl-Jensen et al., 1993 , 2003 Rasmussen et al., 2014) . Here, we wish to maintain independent determinations of the δ 18 O and accumulation proxy records. To do this, we select reasonable ice-flow parameters independently, based on the glaciological setting of each site; specifically, we use kink-height values of 0.1-0.2 for flank flow and 0.4 for ice flow near ice divides where the deviatoric stress is low (Raymond, 1983; Conway et al., 1999) . Where available, we use published values or kink-height values that result in a good match to published accumulation records (Dahl-Jensen et al., 2003; Gkinis et al., 2014) . Based on this range of plausible iceflow parameters, we develop three scenarios for each site: "low", "moderate", and "high", where the names reflect the relative 95 magnitude of accumulation in the glacial and early Holocene. We assimilate the intermediate-value ("moderate") accumulation records to produce our main precipitation reanalysis, while we assimilate the high and low accumulation records into high and low sensitivity scenarios, respectively, to provide a conservative estimate of uncertainty. Descriptions of the rationale for the parameter choices at each site are given in Sect. S1. Our method to estimate accumulation should be most accurate for the interior ice cores (i.e., GISP2, GRIP, NEEM, NGRIP); these sites are thicker and have lower accumulation rates such that 100 layers of the same age have experienced less cumulative strain than for the more coastal cores (i.e., Agassiz, Camp Century, and Renland). We do not attempt to reconstruct accumulation from these coastal cores because the layers cannot be destrained with sufficient accuracy. Dye3 suffers from the same challenges; however, it is the only ice core with long-term climate data south of 70°N ( Fig. 1 ). Thus, we include the Holocene Dye3 accumulation rates despite the greater uncertainty relative to the interior cores.
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Because records from the Dye3 ice core are our only source of information in southern Greenland, we take the following steps to increase the data available for assimilation. The Dye3 record has not been previously assigned a depth-age scale beyond 11.7 ka (throughout this paper, "ka" refers to thousands of years before 1950 CE). We extend the depth-age scale to 20 ka to take advantage of the glacial portion of the δ 18 O record. To do this, we match the δ 18 O record from Dye3 to the δ 18 O record from NGRIP using the cross-correlation maximization procedure from Huybers and Wunsch (2004) (Sect. S2).
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We interpolate the glacial δ 18 O record from Dye3 (which, as measured, has an average resolution of only 85 years) to the same 50-year resolution used for our other ice-core records. Extension of the Dye3 depth-age scale also provides a layer-thickness record from 20 ka to present; however, we do not use accumulation data from Dye3 for the period 20-11.7 ka because the low resolution impedes our ability to estimate accumulation variations from layer thickness. Using this depth-age scale extension for Dye3 may introduce error that is difficult to quantify; however, we find that including Dye3 has an important impact on the 115 resulting reanalysis of southern Greenland climate (Sect. S3).
Where possible, we account for non-local effects on the ice-core records. The global-mean δ 18 O of seawater fluctuates with global ice-volume, while on the regional scale, horizontal advection brings ice from other elevations and latitudes. We correct for changes in the oxygen-isotope composition of seawater following the methods of Stenni et al. (2010) , using the benthic foraminifera dataset from Bintanja et al. (2005) . For ice cores in regions of high horizontal advection, we correct for elevation 120 and latitude differences between the site of snow deposition and the ice-core site. Following the methods from Dahl-Jensen et al. (2013) , we apply corrections for advection-caused elevation changes in the δ 18 O records from Camp Century, Dye3, and NEEM and for advection-caused latitude changes in the δ 18 O record from NEEM (Vinther et al., 2009; Dahl-Jensen et al., 2013) . We do not correct the accumulation records for advection from upstream because the elevation-accumulation relationship is complicated by the prevailing wind direction (Roe and Lindzen, 2001) are likely to be larger than the effects of ice advection. We also do not correct δ 18 O or accumulation for changing elevation at the ice-core site; our goal is to reconstruct conditions at the surface, rather than at a constant reference elevation. We take the anomaly of each corrected δ 18 O record and the ratio of each accumulation record relative to the mean of all data in the record that falls within the time period 1850-2000 CE. We then average each record to 50-year resolution, the lowest resolution in these records (with the exception of δ 18 O from the glacial period in the Dye3 core). It is these corrected, averaged records that 130 we use in the data assimilation (Figs. 2 and 3).
Climate-model simulation
We use TraCE21ka, a simulation of the last 21,000 years of climate, which was run with the fully-coupled CCSM3 and transient ice-sheet, orbital, greenhouse gas, and meltwater flux forcings (Liu et al., 2009 (Liu et al., , 2012 He et al., 2013) . For paleoclimate data assimilation, it is important that the climate simulation capture a range of possible climate states over the time period 135 of interest. By design, TraCE21ka captures the major glacial-to-Holocene temperature changes, as well as short-term, rapid climate changes (i.e., the transitions into and out of the Bølling-Allerød and Younger Dryas events). In contrast, many other transient climate simulations cover only the last millennium and have too little variability to capture the range of climate states across the glacial-interglacial transition. Furthermore, TraCE21ka includes changes in orbital forcing and therefore changes in the seasonality of temperature and precipitation, which strongly influence the relationship between δ 18 O and temperature 140 (Steig et al., 1994; Werner et al., 2000) . TraCE21ka also includes transient ice sheets, which is important for capturing the influence of elevation change on the ice-core records. We note, however, that the ice sheets in TraCE21ka are independent of climate, updated only every 500 years during the simulation, and taken from ICE-5G (Peltier, 2004) , a now outdated ice-sheet reconstruction (Roy and Peltier, 2018) . From TraCE21ka, we use two-meter air temperature for temperature (T ) and the sum of large-scale stable precipitation and convective precipitation for precipitation (P ). We take the anomaly of temperature and 145 the fraction of precipitation relative to the mean for 1850-2000 CE. We then average to 50-year resolution, as for the ice-core records.
Paleoclimate data assimilation
To combine the ice-core data and climate-model data, we use an offline data assimilation method similar to that described in Hakim et al. (2016) . "Offline" refers to the absence of a forecast model that evolves the climate state between time steps, such 150 that in offline data assimilation the same initial climate state is used for every time step. The offline method is appropriate when characteristic memory in the system is significantly shorter than the time step (Hakim et al., 2016, and references therein) . In our case, each time step is an average over 50 years, as dictated by the resolution to which we average the proxy records.
Our paleoclimate data assimilation framework uses ensembles for the initial (prior) and final (posterior) estimates of the climate state, providing a probabilistic framework for interpreting and evaluating the results. To compute the posterior ensemble, 155 we apply the Kalman update equation (Whitaker and Hamill, 2002) , which spreads new information gained from proxy records to all locations and variables in the prior ensemble:
where bold lowercase letters are vectors, bold capital letters are matrices, and script capital letters are mapping functions. The posterior ensemble is x a , x b is the prior ensemble, y is the proxy data, and H is the function that maps from the prior variables 160 to the proxy variables. K is the Kalman gain matrix:
where T indicates a matrix transpose, B is the covariance matrix computed from the prior ensemble, H is the linearization of H about the mean value of the prior, and R is a diagonal matrix containing the error variance for each proxy record, the use of which requires an assumption that error covariances between proxy records are negligible.
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To compute the new information gained from the proxy records, the prior ensemble must first be mapped into proxy space to get prior estimates of the proxy (H(x b )). This mapping (H) is the proxy system model (PSM). Our PSM for the δ 18 Otemperature relationship is a linear function and for accumulation is a direct comparison between ice-core-derived accumulation and precipitation from the prior, which is interpolated from the climate-model grid to the geographic location of the ice core. The prior ensemble is an initial estimate of possible climate states, which we form using 100 randomly-chosen 50-year 175 averages from the TraCE21ka simulation. Proxy records are assimilated into the prior using the Kalman update (Eq. 1), which produces the posterior ensemble, a new estimate of possible climate states. We assimilate δ 18 O to reconstruct temperature and separately assimilate accumulation to reconstruct precipitation. This process is repeated over multiple iterations, with each iteration using one of ten different 100-member prior ensembles and excluding one proxy record. Each proxy record is excluded from a total of ten iterations, where each of these iterations uses a different one of the ten prior options. For a reanalysis, the 180 total number of iterations is thus ten times the number of proxy records, such that for temperature we have 80 iterations and for precipitation we have 50 iterations. A reanalysis is a compilation of the posterior ensembles from these iterations, resulting in a temperature reanalysis having 8,000 ensemble members and a precipitation reanalysis having 5,000 ensemble members.
The proxy record that is excluded from an iteration is independent of that iteration's posterior ensemble, such that we can evaluate the posterior against this record. With our PSMs, we convert the posterior ensemble into predictions of the independent 185 record using the mapping H and compare these predictions to the record along the time axis. We use four skill metrics to evaluate different aspects of the predictions. The correlation coefficient (corr; Eq. 3) measures the relative timing of signals in the predictions and the proxy record:
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where v is the ensemble mean of the predicted values, y is the proxy record value, an overbar indicates a time mean, n is the 190 number of time steps, and σ is the standard deviation of the variable in the subscript. The coefficient of efficiency (CE; Eq. 4) (Nash and Sutcliffe, 1970) is affected by signal timing as well as signal amplitude and mean bias:
The root mean squared error (RMSE; Eq. 5) gives an intuitive sense for the magnitude of the differences between the predictions and proxy record:
The ensemble calibration ratio (ECR; Eq. 6) indicates whether the ensemble has enough spread (uncertainty) given the error in the ensemble mean (e.g. Houtekamer et al., 2005) :
where v is a vector of the ensemble members of the predicted values, r is the error variance for the proxy record (y), and 200 var indicates the variance. Accordingly, if the ensemble variance is appropriate for the amount of error, then the ensemble calibration ratio is near unity.
We compute all four skill metrics for both the posterior and prior ensembles, which shows whether assimilation of proxy records results in an improved estimate of the climate state over our initial estimate. We define improvement as correlation coefficient closer to 1, CE closer to 1, RMSE closer to 0, and ensemble calibration ratio closer to 1. We anticipate that our 205 reanalysis will show improvement over the prior because the prior is constant in time and contains no information about temporal climate variations; however, improvement is not gauranteed, especially if proxy records contain highly-localized climate signals or if the prior covariance structure is unable to appropriately spread information from the proxy sites to other locations.
We evaluate results over three time periods: 1) the full overlap between the reanalysis time period and the proxy record, 2) a 210 time representative of the glacial, 20-15 ka, and 3) a time representative of the Holocene, 8-3 ka. Some proxy records overlap the full reanalysis period, 20-0 ka, while others overlap just the Holocene, 11.7-0 ka. The skill metrics computed for these two groups should be considered separately.
To remove mean bias from temperature, we subtract out the reference-period mean. For precipitation, we divide by the reference-period mean. It is these bias-corrected results that are referred to unless noted otherwise. The isotopic composition of precipitation, as recorded in ice cores, is highly correlated with temperature at the time and location of deposition, but is also sensitive to conditions at the moisture source region (i.e. sea surface temperature and relative humidity at the ocean surface; e.g., Johnsen et al., 1989) . Moisture-source conditions primarily affect the deuterium excess, we use a linear relationship with temperature at the ice-core drill site (T site ) that has a slope of 0.67 ± 0.02 ‰°C −1 , which was calibrated using modern, spatial data (Johnsen et al., 1989) . It is well known that this modern, spatially-derived slope does not necessarily apply to temporal δ 18 O-T site relationships, which have effective slopes that are time, frequency, and location dependent. Temporal changes in precipitation seasonality, inversion-layer thickness, and source region conditions introduce nonlinearity into the effective δ 18 O-T site relationship (e.g., Jouzel et al., 1997; Pausata and Löfverström, 2015) . Diffusion in 225 the firn column also affects this relationship, but it is negligible for annual and longer timescales at the locations of the ice cores we use (Cuffey and Steig, 1998) . Borehole thermometry at the GISP2 and GRIP sites show that for the low-frequency changes associated with the last glacial-interglacial transition, the temporal slope is less than half the modern, spatial slope (Cuffey and Clow, 1997; Jouzel et al., 1997) . Numerous studies have suggested that precipitation seasonality is the largest source of nonlinearity in the δ 18 O-T site relationship (e.g., Steig et al., 1994; Pausata and Löfverström, 2015) ; changes in precipitation 230 seasonality are thought to be the primary reason that the effective δ 18 O-T site relationship for the glacial-interglacial transition has such a low slope (Werner et al., 2000) .
We rely on TraCE21ka to estimate the site-specific effects of precipitation seasonality on the δ 18 O-T site relationship. Sitespecific effects can also be estimated using independent temperature reconstructions, e.g. from borehole thermometry or δ 15 N measurements; however, such independent reconstructions for the last 20,000 years exist only for a few of the long ice-core 235 records, GISP2, GRIP, and NGRIP (Buizert et al., 2018; Dahl-Jensen et al., 1998; Gkinis et al., 2014) , limiting the utility of such records to capture spatial variability.
To incorporate estimates of the site-specific effects of precipitation seasonality from TraCE21ka, we adjust the linear δ 18 O PSM by replacing T site with T * site , the precipitation-weighted temperature at the ice-core drill site. We compute T * across Greenland using T and P from TraCE21ka:
With T * site in our PSM, we find that the δ 18 O-T site slope is spatially variable, but on average it is about 75% of modern. Thus, in using TraCE21ka, we capture the mean of the modern (i.e. high-frequency) relationship and that of the glacial-interglacial (i.e. low-frequency), effective temporal-slope.
To evaluate the sensitivity of our results to the choice of PSM, we produce four other reconstructions (S1-S4). The S1 sce-245 nario uses the PSM, δ 18 O= 0.67T site , which is the modern (high-frequency) relationship and does not account for precipitation seasonality. The S2 scenario uses δ 18 O= 0.5T site , the mean of the modern and glacial-interglacial temporal slopes. The S3 scenario uses δ 18 O= 0.335T site , which is similar to published estimates of the glacial-interglacial temporal slope (half the modern slope) (Cuffey and Clow, 1997; Jouzel et al., 1997) . By lowering the slope in the S2 and S3 scenarios, we implicitly account for precipitation seasonality; however, in these scenarios and S1, the δ 18 O-T site relationship is spatially uniform, whereas it 250 is spatially variable in the main reanalysis because we include the spatial pattern of precipitation seasonality. The S4 scenario uses the same PSM as in the main reanalysis, δ 18 O= 0.67T * site , but we adjust the strength of the precipitation seasonality in TraCE21ka such that the average δ 18 O-T site slope around Greenland is approximately 0.335 ‰°C −1 . The S4 scenario thus has the same spatially-variable δ 18 O-T site relationship as in the main reanalysis, but with a greater influence of precipitation seasonality. 255 2.3.2 Proxy system model: Accumulation
Accumulation is closely related to total precipitation at our ice-core sites, which have limited surface melting. Simulations from the regional climate model HIRHAM5 show that for modern climate at the GISP2, GRIP, NEEM, and NGRIP ice-core sites, surface mass balance, snowfall, and precipitation are all within 1.6 cm water equivalent (w.e.) when averaged over the years 1989 to 2012 CE (Langen et al., 2015 (Langen et al., , 2017 . For this reason, and because TraCE21ka lacks process-based ablation variables, 260 our PSM is a direct-comparison between ice-core accumulation and simulated precipitation at the model grid-cell closest to the ice-core site.
This direct-comparison PSM may be an incomplete model of the accumulation-precipitation relationship at the Dye3 icecore site; regional climate simulations show that modern surface mass balance is lower than precipitation due to melt rates that average 84 cm w.e. year −1 . Significant melt rates would cause the spatial covariance structure of accumulation across these 265 sites to differ from that of precipitation; however, both models and observations lack the necessary variables or duration to show the extent to which this difference exists for 50-year timescales through the last glacial-interglacial cycle. We emphasize that we use relative, rather than aboslute changes in the data assimilation, to account for the mean bias between precipitation and accumulation.
Proxy error variance estimation 270
In the Kalman filter (Eq. 1), the diagonal elements of R contain the error variance of each proxy record, which includes how we model the proxy (the PSM). We compute representative error variances for δ 18 O and accumulation, and apply them to all records and time slices. We do not include error associated with corrections applied to the ice-core data (Sect. 2.1) or associated with the accumulation PSM (Sect. 2.3.2) because we cannot characterize the statistical properties of these errors.
A universal, but typically small, error source is from the measurement of proxies. For δ 18 O, measurement error is equivalent 275 to laboratory precision. We compute a representative measurement error from the GISP2 ice core, for which a single measurement of δ 18 O has a laboratory precision (variance) of 0.024 ‰ 2 (Stuiver and Grootes, 2000) . Assuming independent error and annual measurements, the 50-year average error variance reduces to 0.0034 ‰ 2 , which is insignificant compared to other sources of error. For accumulation, the measurement error is from the measurement of layer thickness, which is related to the error in annual-layer counts per unit depth. Again, we assume GISP2 is a representative core and estimate the layer-thickness 280 error from Table 3 in Alley et al. (1997) , which provides repeat annual-layer counts for several depth intervals. From this table, we find the standard deviation of counted years in each depth interval, divide by the average number of years, average across all depth intervals, and square the result. This computation results in a layer-thickness error variance of 0.0015, a unitless number due to our use of fractional accumulation records.
Another source of error is the extent to which a model grid-cell may misrepresent a point proxy-measurement. In the innovation, there is an implicit assumption that the proxy and the prior estimate of the proxy are representative of the same processes. However, an ice core is about 100 cm 2 , an area that is affected by processes at all scales, from regional change to local, sub-meter-scale topography, while a model grid-cell in TraCE21ka can cover tens of thousands of square kilometers, an area that is affected by only the largest scales, from global to regional. Thus, there is an inherent inability of the prior to represent local processes at the ice-core site, which we refer to as the spatial representation error. To estimate this error, we 290 compute the variance of the local noise (e.g., Reeh and Fisher, 1983) using the GISP2 and GRIP ice-core records, which are located about 30 km apart within the same model grid cell. For δ 18 O, our estimate is 0.21 ‰ 2 which is about half the value determined by Fisher et al. (1985) at several locations around Greenland. Our estimate is relatively conservative, considering that we are using 50-year averages rather than annual averages as in Fisher et al. (1985) . For accumulation, we estimate a spatial representation error variance of 0.0023.
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A third source of error is the extent to which the δ 18 O PSM may be an inaccurate model of the δ 18 O-T site relationship. The less accurate the PSM, the less weight that should be given to the innovation. We estimate PSM error variance by calculating the mean squared error (MSE) between a δ 18 O record and an independent temperature record mapped to δ 18 O using the PSM, δ 18 O= 0.67T site . We use independent datasets taken from the GISP2 ice core: the δ 18 O record and three δ 15 N-derived temperature estimates for the Holocene, a mean estimate and the two-standard-deviation uncertainty bounds (Kobashi et al., 300 2017). From these datasets, we estimate three PSM error variances that range from 0.56 to 1.1 ‰ 2 , from which we choose the largest.
For the assimilation of each δ 18 O record, we use an estimated total error variance of 1.3 ‰ 2 , which is a sum of the measurement, spatial representation, and PSM error variances. For the assimilation of each accumulation record, we use an estimated total error variance of 0.0038, which is a sum of the measurement and spatial representation error variances. 305 
Results
Through the assimilation of ice-core data with a prior ensemble that is constant in time, we produce a spatially-complete Greenland temperature and precipitation reanalysis (Figs. 4 and 5). Here we focus on results relevant to the evolution and sensitivity of the Greenland Ice Sheet, including the late glacial anomaly, the Holocene thermal maximum (HTM), and the relationship between temperature and precipitation.
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In our reanalysis, late glacial (20-15 ka) mean-temperature anomalies range from about −20°C in northern Greenland to less than −10°C in southern Greenland (Fig. 4c) . At the GRIP and GISP2 ice-core sites, the reanalysis has a −14°C anomaly with a standard deviation of 2°C. This is in excellent agreement with the mean-temperature anomaly of −14°C for the same period at the GISP2 site, which was derived from δ 18 O calibrated with borehole thermometry (Cuffey et al., 1995; Cuffey and Clow, 1997) . Average late-glacial precipitation in the reanalysis ranges from a third to half of modern with the highest values 315 on the coasts around southern Greenland (Fig. 4d ).
Our reanalysis shows warmest temperatures occurred across Greenland between 7 and 3 ka, reaching a temperature maximum around 5 ka (Fig. 5 ). Although this timing tends to be later than many estimates of the HTM, it lies within the ranges reported in the literature; for example, a summary of proxy records from around Greenland shows peak warmth usually oc-curring around 9-5 ka, but also as early as 10.8 ka and as late as 3 ka (Kaufman et al., 2004) . Borehole thermometry shows that temperatures peaked around 6-7.7 ka at Summit and 4.5 ka at the Dye3 ice-core site (Cuffey and Clow, 1997; Dahl-Jensen et al., 1998; Kaufman et al., 2004) . Temperature estimates from δ 15 N of N 2 show an earlier HTM peak at Summit around 8 ka (Kobashi et al., 2017) . In northwest Greenland, δ 18 O measurements from lake sediments show the HTM starting before 7.7 ka and ending around 6 ka (Lasher et al., 2017) , while chironomid assemblages show peak warmth around 10-8 ka (McFarlin et al., 2018) .
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Mean-annual HTM temperature anomalies in our reanalysis range from nearly 2°C in northern Greenland to about +1°C in southern Greenland (Fig. 4a) . Similar to the late-glacial temperature anomalies, the pattern of the HTM is dominated by a northsouth trend that has the greater temperature changes to the north, especially in northwest Greenland. While this spatial pattern agrees well with previous studies which have noted especially warm Holocene temperature anomalies in northwest Greenland (Lasher et al., 2017; Lecavalier et al., 2017; McFarlin et al., 2018) , many estimates of HTM anomalies around Greenland are 330 higher than our reanalysis indicates. Our low temperature estimates (compared to previous work) may be in part due to our reconstructing the annual mean rather than the summer mean; the greatest temperature anomalies in the HTM are thought to have occurred in the summer months and many proxies are more sensitive to summer than annual temperature (Kaufman et al., 2004) . Importantly, in our reanalysis, the higher HTM temperatures do not translate to a marked increase in precipitation as would be expected from a thermodynamically-scaled relationship between temperature and precipitation. Instead, we find 335 fractional precipitation within 2% of modern values (1.0±0.02) during the HTM (Fig. 4b) , with slightly higher-than-modern precipitation in central Greenland and slightly lower-than-modern precipitation in northwestern Greenland.
Our results allow us to investigate the relationship between temperature and precipitation. To facilitate comparison with thermodynamic scalings widely used by ice-sheet models, we define the relationship as exponential and find the best fit for our reanalysis:
where P is the precipitation rate, T is the temperature, and β is a scaling factor (Greve et al., 2011) . For a given temperature change, a higher value of β results in a larger change in precipitation (orange in Fig. 6a ). In ice-sheet models that use this scaling, it is commonly applied with a uniform β value for all locations (e.g., Huybrechts et al., 1991; Huybrechts, 2002; Greve, 1997; Greve et al., 2011; Pollard and DeConto, 2012; Cuzzone et al., 2019) . We find that our best-fit scaling-factors 345 (β) center on the Greve et al. (2011) value of 0.07 for locations around Greenland, but our scaling factors tend to be larger (β >0.10) where late-glacial precipitation is lowest and smaller (β <0.05) where late-glacial precipitation is highest ( Figs. 4d   and 6a ).
The precipitation-temperature relationship in our reanalysis is driven by the assimilated ice-core records, though the spatial pattern of this relationship is also influenced by the spatial covariance structures of the prior ensembles. Previous work with 350 ice-core records has found that the relationship between temperature and precipitation is frequency dependent, with a stronger relationship at lower frequencies (Cuffey and Clow, 1997); as expected, there is a similar frequency-dependence in our reanalysis. We find that an exponential scaling captures the low-frequency glacial to Holocene precipitation change; however, this fails at higher frequencies ( Fig. 6b-e ). To evaluate this frequency-dependence, we filtered our results using 6th order, low-pass and high-pass Butterworth filters with 5,000 year −1 cutoff frequencies. The low-pass filtered dataset shows the same precipitation-355 temperature relationship as the unfiltered dataset ( Fig. 6c-d) , while the high-pass filtered dataset shows that precipitation is less sensitive to changes in temperature (i.e., the value of β is lower) at these higher frequencies (Fig. 6e ). This decoupling of temperature and precipitation is apparent in the amplitude difference of high-frequency signals in the glacial and the Holocene.
In our temperature reanalysis, we find that high frequencies in the glacial have a greater amplitude than those in the Holocene, while in our precipitation reanalysis, we find the opposite. A single scaling, as is typically used in ice-sheet modeling, cannot 360 capture this difference.
Evaluation

Independent proxy evaluation
Here we evaluate our results against proxy records that are excluded from ten of the iterations that make up the temperature and precipitation reanalyses. For this evaluation, we use the raw results (without a mean-bias correction). We find, however, 365 that the mean biases are small relative to climate changes over the last 20,000 years; there is little difference between our bias-corrected and uncorrected results and it is unlikely that the mean bias has a large affect on our evaluation.
Evaluation against independent proxy data shows that our reanalysis captures the timing and magnitude of low-frequency climate changes ( Figs. 7 and 8 ) and is an improvement over the prior ensemble ( Figs. S3 and S4) . Evaluation over the full 20,000 years of the temperature and precipitation results shows high, positive correlation coefficients (ranging from a minimum of 0.97 370 to maximum of 0.99), which indicate that the reanalysis captures both the timing and sign of climate events, while high CE (0.87.-0.98) and low RMSE values (0.62-1.2 ‰ for δ 18 O and 0.04-0.08 for accumulation) indicate that the reanalysis captures the magnitude of these events. Our skill during this longest evaluation period is primarily due to the presence of low-frequency climate changes, which tend to be coherent across Greenland, such that evaluation over this full 20,000-year period shows more skill than evaluation over the full Holocene, which shows more skill than evaluation over just 5,000 years in the Holocene (or 375 5,000 years in the glacial) ( Figs. 7 and 8) . Even for these shorter evaluation periods, which are dominated by high-frequency, spatially-incoherent noise, the reanalysis shows overall improvement over the prior ensemble ( Figs. S3 and S4 ).
For all evaluation periods and both variables, the ensemble calibration ratio (ECR) for the prior is skewed towards values greater than unity (0.66-8.7), which suggests that the prior ensemble tends to have too little spread. Conversely, for the posterior, the ERC is generally less than unity (0.10-1.7) ( Figs. 7 and 8 ), suggesting that the posterior ensemble has more than enough 380 spread given the error in the ensemble mean (as compared to the proxy records). This result indicates that the reanalysis ensemble encompasses the climate as recorded by the proxy records for most times and locations over the last 20,000 years.
Sensitivity evaluation
Proxy networks that change in time, such as ours, can introduce artificial discontinuities into the reanalysis, especially if the number of proxies is low or the proxy uncertainty values are inappropriate. We produce another reconstruction with a fixed 385 proxy network, in which all assimilated proxy records participate in every time step in the reconstruction (see Sect. 2.3). A comparison of these results with our main reanalysis shows no apparent discontinuities for the ensemble mean and 5th to 95th percentiles at Summit (Fig. 9 ) or other locations around Greenland.
Our results are sensitive to the δ 18 O-T relationship. To test this, we compare the main reanalysis to the four scenarios (S1-S4, as described in Sect. 2.3.1) that use different δ 18 O PSMs, each of which assumes a different slope and spatial pattern of 390 the δ 18 O-T relationship. We show this comparison for Summit as an example (Fig. 10 ), but the findings are applicable for all locations. As discussed previously, scenarios S1-S3 all assume that the δ 18 O-T relationship has a uniform spatial pattern, but they each assume a different influence of precipitation seasonality. From these scenarios, we find that the temperature reconstruction is sensitive to the assumed precipitation seasonality, especially in the glacial where a stronger seasonality results in a greater glacial temperature anomaly. At Summit, this difference is nearly 10°C between S1, which assumes no influence, 395 and S3, which assumes the most influence of precipitation seasonality (Fig. 10) . Similarly, the main reanalysis and S4 scenario both assume that the δ 18 O-T relationship has a spatially-variable pattern, but S4 assumes a greater influence of precipitation seasonality. Again we find that the results are sensitive to assumed seasonality, with the greatest impact on the glacial-tointerglacial change.
We also find that the temperature results are sensitive to the spatial pattern of the δ 18 O-T relationship. To test this, we 400 compare the results from the S1-S3 scenarios that assume a spatially-uniform pattern to results from the main reanalysis and S4 scenario that assume a spatially-variable pattern. The S1-S3 scenarios have a characteristic shape to their time series (Fig. 10) , and, although the main reanalysis and S4 scenario generally fit this characteristic shape in the glacial and middle-late Holocene, in the early Holocene the main reanalysis and S4 diverge and show slower warming trends than the S1-S3 scenarios. This
indicates that there is new information added by using a PSM that accounts for spatial variability in precipitation seasonality.
405
For precipitation, we find that the results are sensitive to which accumulation record is assimilated at each ice-core site. As explained in Sect. 2.1 and S1, we use a low, moderate, and high accumulation record for most of the ice-core sites to produce the low, main, and high precipitation scenarios, respectively (Fig. 11) . The largest spread among the scenarios is in the earliest part of the reconstruction, i.e. the last glacial through the early Holocene, since uncertainties in the ice thinning history have the greatest impact at greater depths (and hence, greater ages). There is also a larger spread among the scenarios at more southern 410 locations because the accumulation record at Dye3 has both the most influence on southern Greenland (Sect. S3) and the largest uncertainty in the ice thinning history (Fig. 3 , Sect. S1).
Discussion
Using paleoclimate data assimilation to combine ice-core records and the TraCE21ka climate-model simulation, we have obtained a Greenland climate reanalysis for the last 20,000 years that both captures the timing and magnitude of major climate events and shows good evaluation against independent proxy records. Our main reanalysis is one of very few spatially-complete time series of Greenland climate over the last 20,000 years. Here, we compare our reanalysis with other Greenland climate histories, and suggest that, together, they should be treated as an ensemble of climate boundary conditions that can be used to produce ensembles of ice-sheet model simulations. These climate histories can also be further evaluated using a combination ice-sheet models and independent constraints from the glacial-geologic record of past ice-sheet configurations.
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We compare our results with the recent reconstruction of Buizert et al. (2018) , hereafter referred to as the B18 reconstruction.
The B18 temperature reconstruction was produced by adjusting a part of the TraCE21ka temperature field that is affected by changes in the Atlantic meridional overturning circulation such that the full temperature field provides a good match to an average of three temperature records recovered from ice cores. The B18 snow-accumulation reconstruction is simply a reference climatology scaled to accumulation rates from the GISP2 ice core. We treat this as a precipitation reconstruction, 425 but note that accumulation may be less than precipitation at some locations around Greenland, especially near the coast. It is also informative to compare these results with our S4 temperature and high precipitation reconstructions, hereafter referred to as S4 and high P, as well as with the TraCE21ka simulation itself (i.e., the climate model output, unconstrained by data).
For brevity, we focus on the area around Kangerlussuaq in southwest Greenland, but the comparisons are generally applicable to any region of Greenland. Southwest Greenland is of interest because the ice-sheet behavior here is primarily a response to 430 changes in surface forcing (i.e., temperature and precipitation) because there are few tidewater glaciers (Cuzzone et al., 2019) .
Furthermore, the Kangerlussuaq region has a particularly well-documented ice-sheet retreat history through the Holocene (Young and Briner, 2015; Lesnek and Briner, 2018) .
In the Kangerlussuaq region, the B18 reconstruction shows more extreme temperature changes than our reconstructions, with late-glacial (20-15 ka) anomalies of about −20°C and peak HTM temperature anomalies of about +2°C at 9 ka ( Fig.   435 12). B18 also shows a faster rate of transition between the glacial and Holocene, reaching temperatures close to modern by 10 ka. In constrast, TraCE21ka shows more moderate temperature anomalies and a slower transition, with late-glacial anomalies of about −8.6°C and near-modern temperatures that first appear around 7 ka. TraCE21ka has no obvious HTM in this location. Our main reanalysis and the S4 version of our temperature reanalysis both lie between B18 and TraCE21ka, with late-glacial anomalies of about −12 and −14°C, respectively, Holocene peak temperature anomalies of +1°C around 5 ka, 440 and temperatures close to modern first appearing around 8 ka.
For precipitation, the B18 reconstruction again tends to show the largest fluctuations and fastest transition, with a late-glacial precipitation fraction of about 0.26 and precipitation rates close to modern first appearing just after 10 ka. TraCE21ka again shows the most moderate fluctuations and a slower transition, with a late-glacial fraction of about 0.38 and rates close to modern not appearing until around 5 ka. Our main reanalysis and high P lie in the middle during the late-glacial, with fractions of about 445 0.32 and 0.36, respectively; however, our main reanalysis has a slow transition into the Holocene, similar to TraCE21ka, while high P has a fast transition similar to B18. In the Holocene, high P shows the most elevated precipitation out of all the reconstructions, with 10-15% more precipitation than modern occurring around 7-3 ka. B18 shows precipitation values similar to modern for the last 10,000 years of the Holocene, while TraCE21ka and our main reanalysis show lower-than-modern precipitation throughout most of the Holocene.
All of these paleoclimate reconstructions -our main reanalysis, the sensitivity scenarios, and B18 -are plausible histories of temperature and precipitation over Greenland. Given any past change in the ice-sheet, each of these histories has a different implication for ice-sheet sensitivity to climate, the veracity of which could be tested by using them to force an ice-sheet model and comparing this ensemble of results to the geologic record.
An important distinction among various different paleoclimate reconstructions for Greenland is in the treatment of elevation 455 changes. Any paleoclimate reconstruction from ice-core records is complicated by ice-sheet elevation changes. In Vinther et al. (2009) , it is assumed that the climate history is the same at all locations around Greenland, and that any differences among the ice core paleotemperature records is a result of that elevation change. In B18, past elevation changes are assumed to be negligible. In our reconstruction, the impact of elevation change on the spatial covariances of temperature and precipitation is implicitly accounted for as part of the data assimilation methodology. Formally, our reconstruction is of surface climate, 460 not climate at a fixed elevation, but it depends on the accuracy of the climate-elevation relationships in our prior -i.e. in the TraCE21ka climate model simulation, which probably does not capture such relationships with particularly high fidelity since the model resolution is low and the climate and ice-sheet models are not coupled. Future work could take advantage of the probabilistic relationships among accumulation, temperature, and surface elevation as simulated in fine-scale regional climate models (Edwards et al., 2014) .
6 Conclusions
Paleoclimate data assimilation is a novel method for reconstructing climate fields over the Greenland Ice Sheet. Our approach, combining ice-core records with a climate-model simulation, provides complete spatial reanalyses of both temperature and precipitation covering the last 20,000 years. Evaluation against independent proxy records shows that this methodology leads to significant and meaningful improvement over the prior ensemble (drawn from a climate simulation). The results also quan-470 tify uncertainty in all aspects, which provides a range of climate scenarios for ice-sheet modeling. Moreover, independently reconstructing both precipitation and temperature allows the assumption of purely thermodynamic control on precipitation to be relaxed, and an examination of the relationship between these quantities over a range of timescales. Specifically, we find that the Clausius-Claypeyron scaling is a good approximation over glacial-interglacial cycles, but not for shorter timescales where precipitation variability partially decouples from temperature.
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Our results have potentially important implications for the response of the Greenland ice sheet to climate change. In particular, we find maximum Holocene temperatures were reached around 5 ka, which is between 500 years earlier and 4,000 years later than previous estimates. Moreover, there is little corresponding change in precipitation in our main reanalysis and one of the sensitivity scenarios. If these findings are correct, they imply a relatively rapid response to temperature forcing for sections of the ice sheet margin that retreated less than a century later (Young and Briner, 2015) . A caveat is that proxy data remains 480 very sparse, particularly in southern Greenland, where the poorly-resolved Dye3 core is the only long record. Future work to obtain improved measurements on the Dye3 core, or gather other new data from southern Greenland, would help to alleviate this limitation, as would the incorporation of data from off the ice sheet, such as from lake and ocean sediment cores. Grootes and Stuiver (1997) , 12 Stuiver and Grootes (2000), 13 Cuffey and Clow (1997), 14 Johnsen et al. (1997) , 15 Dansgaard et al. (1982) , 16 Vinther et al. (2009) , 17 this study
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